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[1] Earthquakes cause a variety of hydrological effects, including changes in well levels,
streamflow, hot-spring temperatures, and geyser periodicity. These may be produced by
changes in pore-fluid pressure or by changes in permeability. We investigate near-field
effects of normal earthquakes on fault-controlled hydrothermal plumes, e.g., at the Te
Kopia geothermal system on the Paeroa Fault, New Zealand. A numerical model is detailed
that addresses the effects of coseismic pore-pressure and permeability perturbations on
geothermal upflow along a dip-slip fault. Fluid flow is modeled using the heat and mass
transfer code Finite Element Heat and Mass transfer. The 2 m wide fault is impermeable
and thus behaves as a partition between fluid flow in the adjacent fault blocks, as well as
a structure for upflow to localize upon. A realistic distribution for the coseismic change
in mean rock stress is obtained from a plane-strain mechanical model for normal fault
rupture in an elastic-plastic-viscous crust. These stress changes are imported into the
fluid flow model as pore-fluid pressure changes. In addition, we consider the effects of
fault core fracture and damage by introducing an increase in permeability at the fault
plane. Results show that short-term effects are dominated by pore-pressure changes,
which cause increased heat and mass fluxes at the surface for a period of several weeks.
Longer-term, an elevated mass flux remains due to the increase in subsurface
permeability. Upflow migrates from the footwall scarp into the hanging wall and away
from the fault, because rising fluids are no longer deflected by the fault.

Citation: Dempsey, D. E., R. A. Archer, S. M. Ellis, and J. V. Rowland (2013), Hydrological effects of dip-slip fault
rupture on a hydrothermal plume, J. Geophys. Res. Solid Earth, 118, 195-211, doi:10.1029/2012JB009395.

1. Introduction

[2] In addition to ground shaking and accumulated, perma-
nent deformation, earthquakes are responsible for a host of
hydrological changes in the subsurface. These include
changes in groundwater levels [Quilty and Roeloffs, 1997;
Grecksch et al., 1999], spring outflow [Muir-Wood and King,
1993; Rojstaczer et al., 1995], and hot-spring and hydrother-
mal temperatures [Mogi et al., 1989; Johnson et al., 2000;
Drziak et al., 2003], as well as liquefaction arising from
undrained consolidation [e.g., Poulos et al., 1985] or
the passage of seismic waves [Wang and Manga, 2010].
These effects are broadly divided into several categories
[Montgomery and Manga, 2003]: near-, intermediate-,
and far-field [Wang and Chia, 2008; Wang and Manga,
2010] with respect to the fault rupture; permanent versus
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transient; and immediate versus delayed response. Although
a wide body of literature exists cataloging and discussing
the hydrological effects of earthquakes on groundwater sys-
tems [e.g., Muir-Wood and King, 1993; Rojstaczer et al.,
1995; Quilty and Roeloffs, 1997; Grecksch et al., 1999;
Montgomery et al., 2003; Wang and Chia, 2008; Manga
et al., 2012], the impact of earthquakes on geothermal
systems has received comparatively less attention [e.g.,
Ingebritsen and Rojstaczer, 1996; Johnson et al., 2000;
Bjornsson et al., 2001; Vandemeulebrouck et al., 2008].
[3] Static stress changes associated with coseismic com-
pression and expansion of the crust have been proposed to
explain changes in groundwater levels observed in wells.
The underpinning theory is that compression of the crust
reduces pore volume and increases the local pore-pressure,
thereby raising groundwater levels in nearby wells. The idea
has received some support from correlations of locations and
magnitudes of coseismic well-level changes with changes in
the coseismic stress field generated from elastic dislocation
models [Okada, 1992] of fault rupture. For instance, Quilty
and Roeloffs [1997] applied the approach to the 1994,
M=4.7 Parkfield earthquake, California, and found quantita-
tive agreement between strain changes and well-level
changes at four locations, although disagreement at three
others. Grecksch et al. [1999], in applying this technique
to the 1992, M=5.4 Roermond earthquake, Germany
[Grecksch et al., 1999], recorded reasonable agreement
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between well-level and volume strain, although the ampli-
tude of well-level steps were less than expected. Zhang
and Huang [2011], in analyzing the M=8.0 Wenchuan
earthquake, China, found a correlation between well-level
response and the Skempton parameter, B, which couples
coseismic rock stress and pore-pressure changes [Skempton,
1954]; they concluded that poroelastic effects on well-level
are restricted to an epicentral distance 1.5 times the length
of the fault. In terms of the aforementioned categorization
then, the poroelastic effect is typically near-field, transient,
and exhibits an immediate response.

[4] Sustained postseismic changes to well levels and
streamflow are thought to represent permanent changes in
the subsurface permeability from which those fluids are de-
rived [Rojstaczer and Wolf, 1992]. For instance, a reduction
in surface permeability and subsequent expulsion of fluids
through liquefaction and aquifer consolidation [Manga et al.,
2003; Montgomery et al., 2003] has been proposed as the
cause of increased postseismic streamflow. Others [Briggs,
1991; Rojstaczer and Wolf, 1992] interpret an immediate,
coseismic increase in streamflow, followed by a gradual expo-
nential decay, to represent an increase in subsurface perme-
ability that facilitates the release of water from aquifers.
As evidence, Briggs [1991] cites exponential decay from
a postseismic streamflow high, which is conceptually con-
sistent with simple models of finite reservoir discharge
through a restricted aperture. In comparison to poroelastic
effects, these hydrological responses occur over a variety
of epicentral distances, and may exhibit a delayed or build-
ing flow rate [Rojstaczer and Wolf, 1992; Manga et al.,
2003] that persists over a range of time frames [Briggs,
1991; Montgomery et al., 2003].

[5s] Further evidence for far-field coseismic changes in
permeability is derived from a study of geyser periodicity
in response to earthquakes. Ingebritsen and Rojstaczer
[1996], using numerical simulations and representing a
geyser as a permeable conduit embedded in a less perme-
able rock matrix, showed that eruption frequency is highly
sensitive to conduit permeability. Small increases in per-
meability associated with static or, more likely in the far-
field, dynamic strain changes, increase eruption frequency.
Thus, a temporary decrease in eruption frequency at “Old
Faithful” geyser in Calistoga, California following the
Oroville and Loma Prieta earthquakes [Ingebritsen and
Rojstaczer, 1996], both of which were centered more than
130 km from the geyser, suggests a transient drop in conduit
permeability. Alternatively, geyser frequencies increased at
Yellowstone following the Hegben Lake (Montana,
M=17.3, distance ~50 km), Borah Peak (Idaho, M=7.0, dis-
tance ~230km) [Ingebritsen and Rojstaczer, 1996], and
Denali fault (Alaska, M=7.9, distance~3100km) earth-
quakes [Husen et al., 2004]. Similarly, an increase in the
lake-level cycling-frequency at Inferno Crater Lake, Wai-
mangu geothermal field, New Zealand, was observed in the
period following Edgecumbe earthquake (New Zealand,
M=6.3, distance ~50 km) [Vandemeulebrouck et al., 2008].
These changes suggest increases in conduit permeability as-
sociated with either static coseismic strain changes, or, in
the case of the Denali fault earthquake, the passage of seismic
waves.

[6] Permeability enhancement has been attributed to dy-
namic strain effects in several studies where discharge or

well-level changes do not correlate with static distributions
of strain change [e.g., Manga et al., 2003; Cox et al.,
2012]. As mechanisms for permeability change, Manga
et al. [2012] proposed that shaking associated with the
passage of seismic waves may dislodge pore-clogging
colloidal deposits, particles, or droplets, thereby effecting
an increase in conductivity. Such gains in permeability
may be short-lived as pore throats and channels eventu-
ally become reblocked.

[7] Others have suggested that anomalous fluid expulsion
from fault zones following major earthquakes may be caused
by the rupture of deep, over-pressured reservoirs [Sibson
et al., 1985; Byerlee, 1993]. In these scenarios, the fluids
themselves play a critical role in fault rupture by reducing
the normal stress on the fault and increasing its likelihood
of failure. Indeed the migration of fluids in the postseismic
period has been linked with distributions of aftershocks
[Miller et al., 2004; Lindman et al., 2010] through their
interaction with the rock stress state.

[8] In this work, we present results from a computational
model that considers the effects on a hydrothermal plume
of relatively rapid pore-pressure and permeability changes
associated with a normal fault earthquake. The objectives
of this study are twofold: first, we investigate natural-state
geothermal upflow constrained by dip-slip faults operating
as fluid flow barriers; second, we address the likely conse-
quences of rupture on that fault for heat and mass transfer
through the geothermal system. Our model is specific to
earthquake rupture and natural geothermal convection
occurring within the Taupo Volcanic Zone (TVZ), New
Zealand, and in particular the Te Kopia geothermal system
located on the Paeroa Fault.

1.1. Taupo Volcanic Zone

[¢9] The TVZis a productive volcanic arc, which hosts con-
vective upflow of high temperature fluids (>250°C) at more
than 20 distinct locations [Bibby et al., 1995]. Many of the
geothermal systems are long-lived, with minimum-age esti-
mates ranging from 400 kyr for Ngatamariki [Arehart et al.,
1997] to 120 kyr for Te Kopia [Bignall and Browne, 1994].
Hydrothermal convection is driven by extensive magmatic
intrusion in the lower and middle crust, which supplies heat
to the upper crust at a depth of 6-8 km [Bryan et al., 1999].
McNabb [1975] argued that if the TVZ convective system
was produced by uniform heating of a porous medium from
below, convection cells of aspect ratio 1 should form. For a
mean horizontal spacing of 10—15km, this would imply a
plume vertical dimension of 5-8 km [Bibby et al., 1995],
which is consistent with the position of the brittle-ductile
transition of 6-8 km delineated by shallow seismic studies
[Bryan et al., 1999].

[10] Fluid flow is assisted by an abundance of normal
fault structures, which accommodate 5-15mmyr ' of tec-
tonic extension [Wallace et al., 2004], and are presumed
to make a significant contribution to the fracture perme-
ability of basement rocks [Grindley and Browne, 1976;
Wood et al., 2001]. These structures also play a role in
compartmentalization of fluid flow, operating as along-
strike fluid conduits in regions where fracture permeability
is enhanced, and cross-fault fluid barriers where mature
fault gouges are developed [Rowland and Sibson, 2004].
Observations of fault gouge in the TVZ are limited to
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Figure 1. The Paeroa Fault in the context of TVZ geother-

mal systems demarcated by electrical resistivity studies
[Stagpoole and Bibby, 1998]. At= Atiamuri, Mo =Mokai,
Ng=Ngatamariki, Ok =Orakeikorako, Re=Reporoa, Rk=
Rotokawa, Th=Tauhara, Tk=Te Kopia, Wk= Wairakei,
Wm=Waimangu, Wp =Waiotapu, Wt=Waikite. The loca-
tions of other TVZ faults are shown in grey (after Rowland
et al. [2010]).

low-displacement structures in nongeothermal areas (e.g.,
Berryman et al. [2008]). These smaller faults contain a
thin (<200 mm) clay-rich gouge [Rowland and Simmons,
2012]; for larger-displacement structures, some thickening
of the fault core may be expected as the fault-zone thick-
ness is increased [Knott et al., 1996].

[11] In the TVZ, the 30 km long Paeroa Fault (Figure 1)
evidences several such fault-fluid interactions. For example,
the passage of westward topographically-driven geothermal
outflow at Waikite is blocked by the fault [Rowland and
Sibson, 2004]. Geothermal expression at Te Kopia, further
south, occurs almost exclusively in the footwall block and
fault scarp [Bignall and Browne, 1994], which has been
uplifted ~220 m. Despite the appreciable drop in elevation,
geothermal expression is absent from the hanging wall,
with the exception of some small thermal springs. At a
vertical displacement rate of 1.5 mm yr ', the Paeroa Fault
is the fastest moving fault, and one of the most active, in
the TVZ [Villamor and Berryman, 2001]—the likelihood
of a future M > 6 event on the fault is credible [Berryman
et al., 2008].

[12] One further example of fault-obstructed fluid flow is
documented by Rowland and Sibson [2004]; at Orakeikorako,
discharging springs occur adjacent to one another but sepa-
rated by a 5m high fault scarp. Rowland and Sibson [2004]
propose that this structure operates as a fluid-flow barrier to
at least a depth of 50 m to maintain the requisite pressure dif-
ference across the fault.

[13] Our model specifically considers the long-term influ-
ence of structural permeability associated with a mature nor-
mal fault on a hydrothermal plume, as well as the immediate

hydrological effects of fault rupture. The aim is to constrain
the way in which major normal faults (e.g., the Paeroa Fault)
perturb near-field geothermal fluid flow over short and long
timescales. We use a rectilinear, structured mesh to describe
flow and specify permeability properties along an inclined
plane, representing the fault. A steady state hydrothermal
plume is simulated and its shape reflects the structural per-
meability of the fault. Coseismic changes in pore-pressure
are imported from a separate mechanical model for fault rup-
ture [Dempsey et al., 2012a, 2012b], which captures rock
stress changes in the near-surface and at seismogenic depths.
We also consider a concurrent, coseismic increase in fault
permeability that permanently reduces the effectiveness of
the fault as a fluid-flow barrier.

2. Numerical Methods

[14] In this study, we consider three effects of dip-slip
faults on fluid flow: a long-term, static perturbation to the
position of a hydrothermal plume caused by an impermeable
fault-core [Grindley and Browne, 1976; Caine et al., 1996];
a short-term disturbance of the pore fluid pressure; and a
concurrent increase in fault-core permeability. The first ef-
fect is distinct from the other two in the sense that fluid flow
is permitted to evolve over long time periods in the presence
of the perturbation. In contrast, coseismic changes in pore-
fluid pressure or fault permeability rapidly perturb the steady
state distribution of fluid flow. The post-seismic period is
characterized by diffusion of the fluid pressure disturbance,
and a transition to a different steady state under the new per-
meability distribution.

[15] From a numerical perspective, short- and long-term
effects of structural permeability on fluid flow are relatively
straightforward to test. One requires a computational model
for heat and mass transfer [Salve and Oldenburg, 2001;
MecLellan et al., 2010], a mesh that honors the fault geome-
try [McLellan et al., 2010], and a permeability distribution
that accounts for structural permeability associated with
the fault [Lopez and Smith, 1996; McLellan et al., 2010].
In contrast, investigating the effects of pore-pressure dis-
ruption requires an additional source of information: a
three-dimensional (3-D) distribution of coseismic stress
changes. This has previously been supplied by inverting
coseismic surface displacements associated with the specific
earthquake to obtain a 3-D elastic displacement model [Okada,
1992; Quilty and Roeloffs, 1997; Grecksch et al., 1999; Ge and
Stover, 2000]. In contrast, in this paper static coseismic stress
changes associated with dip-slip fault rupture are obtained
from a two-dimensional (2-D) mechanical model in which
the fault slip distribution is not prescribed but is solved for.
This model was originally developed to investigate post-
seismic stress rotation [Niichter and Ellis, 2010], fault ener-
getics [Dempsey et al., 2012a], and frictional failure in the
upper crust over multiple seismic cycles [Dempsey et al.,
2012b]. These stress changes are converted to a pore-pres-
sure perturbation, which then modifies the pressure distribu-
tion of the natural-state fluid flow model.

[16] The mixed 2-D/3-D approach employed here pro-
vides certain advantages over the 3-D elastic dislocation
model of Okada [1992]. For example, in our model, fault
displacement is derived as part of the solution necessary to
relieve excess preseismic stresses that load the fault, and is
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Figure 2. Set-up of the mechanical model. (a) Geometry and boundary conditions for the planar fault
simulation superimposed on the model mesh. (b) Initial differential stress profile developed after the stress
“spin-up” phase. (¢) Flow diagram showing boundary conditions, fault properties and timescales associ-
ated with the mechanical model. This figure has been adapted from Dempsey et al. [2012b].

not a prescribed input required to obtain the coseismic stress
change. As a consequence, fault slip is constant over much
of the brittle crust, consistent with an elastic dislocation,
but reduces to zero across a finite distance in the brittle-duc-
tile region (cf. the Okada [1992] model, where slip falls off
over an infinitesimal distance at the lower tip of the fault).
This more-realistic displacement profile avoids both the
mathematical singularities that occur on the edges of elastic
dislocations and the numerical truncation required to ac-
count for these.

[17] We only consider the case of a dip-slip fault with an
along-strike length much greater than the fault is deep. This
allows us to use the plane-strain assumption while determin-
ing the stress change around the fault used to drive the hy-
drological model. Our simplification is designed to isolate
and examine the effects owing to slip changes down-dip of
a long dip-slip fault, without the added complications that
occur near the lateral fault tips. As such, the model cannot
be used to investigate hydrological effects near the lateral
tips of normal faults, where the plane strain assumption is
invalid.

[18] In low-temperature settings, fluids can be approxi-
mated as isodense and isoviscous, and the diffusion of a
pressure disturbance, AP, through a homogeneous perme-
ability medium is governed by

0

ot

where D is hydraulic diffusivity [Neuzil, 2003; Lindman
et al., 2010]. This approach, coupled to a Mohr-Coulomb
failure criterion, has been used to model aftershock

AP = DV*(AP), €))

sequences in response to diffusing pore-pressure distur-
bance created by the main shock [Lindman et al., 2010].

[19] In geothermal settings the isothermal assumption is
not valid; viscosity and permeability vary by several orders
of magnitude depending on temperature and depth, and the
density of hot upflow is up to 25% lower than cool, meteoric
waters. In these circumstances, a description of coupled heat
and mass transfer is required to adequately model diffusion
of a pore-pressure disturbance.

2.1. Mechanical Fault Model

[20] Coseismic stress changes are modeled by considering
displacement of an inclined, frictional contact surface embed-
ded in a 2-D, plane-strain, elastic-viscous-plastic crust. This
model has previously been used to investigate post-seismic sur-
face deformation in compressional environments [Ellis et al.,
2006], and stress rotation, postseismic recovery [Niichter and
Ellis, 2010], energy flow [Dempsey et al., 2012a], and fault
zone evolution [Dempsey et al., 2012b] in extensional environ-
ments. Model methods are described briefly here, and the reader
is directed to the aforementioned references for further detail.

[21] The evolution of stress, strain, and displacement in the
vicinity of a normal fault over multiple seismic cycles is mod-
eled using the finite element software package Abaqus/Standard
(http://www.simulia.com/products/abaqus_standard.html).
A single fault, approximated as a planar frictional contact
surface, is hosted within a 60 x 25 km crust, which is loaded
by extensional velocity boundary conditions of 12 mm yr '
(Figure 2a). Deformation of the crust is linear elastic while
the stress state is below yield, and limited by Mohr-Coulomb
failure in the upper crust transitioning to viscous creep in the
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Figure 3. (a) Coseismic change in horizontal elastic strain,
Ag,, averaged over the top 500 m of the model for the planar
fault geometry. A positive change in elastic strain indicates
compression. (b) Coseismic change in mean rock stress
(Ao yy/3) for the 12th seismic cycle. Note that contour intervals
are not evenly spaced. The inset shows down-dip fault slip as a
function of depth using the vertical scale of Figure 3b. Cartoon
arrows show the direction of coseismic displacement.

lower crust at a depth of 6-8 km [Dempsey et al., 2012b]. The
depth to the brittle ductile transition is determined by mate-
rial parameters, the temperature gradient (35°C km ') and
the bulk strain rate (6 x 107> s™).

[22] An initial stress state (Figure 2b) for the model is
“spun-up” [Hetland and Hager, 2006; Ellis et al., 2006] by
applying the extensional boundary conditions over a long
time period (90 kyr). The seismic cycle is approximated by
two steps: a 220 yr loading period in which relative displace-
ment of the contact surfaces is prevented by an infinite fric-
tion coefficient; this is followed by a 60s seismic period
where fault slip at a weakened friction coefficient (0.2,
e.g., Scholz and Engelder [1976]) is permitted. This
approach ignores dynamic effects such as wave propagation
and rate-state friction. Dynamic equilibrium, characterized
by self-similar patterns of stress and elastic deformation, is
observed after 10 seismic cycles, and results exported to the
fluid flow model are derived from the 12th cycle (Figure 2c¢).

[23] We consider stress changes associated with a planar fault
geometry (Figure 2a), which dips at 65° and intersects the crust
to a depth of 15 km. The chosen fault dip is consistent with the
average dip of faults in the TVZ [Villamor and Berryman,
2001], although there is evidence for coseismic slip on fault
planes as shallow as 45° [Anderson et al., 1990]. The model do-
main is meshed using approximately 10,000 elements.

2.2. Coseismic Stress Changes

[24] Following Rice and Cleary [1976] and Lindman et al.
[2010], a relation between changes in fluid volume, pore-
pressure and rock stress is derived from

_ 3po(vu—v) 3
e T 2GB(14v)(1+ ) {Jkkfgpf}a ()]

where m—my is the change in fluid per unit volume, p is
fluid density, v, and v are the undrained and drained Poisson
ratios, G is shear modulus, B is Skempton’s coefficient, ;; is
the stress tensor, defined here as positive in compression,
and py is pore fluid pressure. We assume that coseismic
stress changes are sufficiently rapid that induced fluid trans-
port is negligible during the seismic period. Then m — my=0
and equation (2) reduces to a version of Skempton’s [1954]
original empirical equation

B
Apf = gAO‘kk. (3)

[25] Equation (3) allows the import of stress changes, Agy;,
derived from the mechanical model into the fluid flow
model. In the simulations reported here, we use a B value
of 0.7, reported by Talwani et al. [1999] for fractured crys-
talline rock, and used by Deng et al. [2010] in modeling
the postseismic pore pressure diffusion following the My,
7.9 Wenchuan earthquake, China.

[26] Figure 3b shows changes in mean rock stress, Ag /3,
associated with the modeled fault rupture. The distribution
illustrates three significant stress changes associated with a
normal fault earthquake. First, a widespread mean stress in-
crease is observed in the hanging wall at the base of the
fault, and is caused by subsidence of the upper crust and a
gradient in fault slip at midcrustal depths (6-9km). The
greatest mean stress increase, ~1 MPa, occurs on the fault
plane at a depth of 7.5 km. Second, on the other side of the
fault plane, in the footwall block, a large decrease in mean
stress is observed. Expansion of the rock associated with this
decrease in compressive stress contributes to uplift of the
footwall at the surface [Dempsey et al., 2012a]. Finally, at
the surface of the footwall, as well as part of the hanging
wall, a widespread increase in mean stress occurs. This is
caused by horizontal compression of the crust as the two
fault blocks withdraw from one another.

[27] The pattern of coseismic stress change shown in
Figure 3b is similar to the pattern of coseismic volumetric
strain change obtained by Ge and Stover [2000] using a 3-D
elastic displacement model. Their model further showed that
volumetric strain changes did not vary significantly along-
strike except near the fault tips; this indicates that the plane-
strain assumption is appropriate for the middle sections of a
normal fault. For our analysis, an elastic modulus of 10'° Pa
and a Poisson’s ratio of 0.25 were used. Under fully saturated
conditions, these parameters would be modified to reflect the
poroelastic response of the pore fluid. Ge and Stover [2000],
using an undrained Poisson’s ratio of 0.3, obtained similar
stress change distributions to those used here. The use of
drained parameters in our study therefore has a minimal
impact on model outcomes.

[28] Figure 3 also indicates a small mean stress drop in
the near-surface of the hanging wall at a distance of ~5 km
from the fault. This feature is associated with flexure of
the hanging wall [e.g., Kusznir et al., 1991] and brittle
failure in the near-surface. In the mechanical model, brittle
failure is described by a Mohr-Coulomb frictional plastic
rheology; during the coseismic period, plastic strain accu-
mulates in this critically-stressed region through the relief
of local stress. While pore-pressure changes in this region
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Figure 4. Set-up for the circulation model. (a) Model mesh and dimensions used to describe planar fault
geometry. The mesh is discretized into 50 evenly spaced slices in the y-direction (not shown). The fault
plane is comprised of 10 layers, spaced 1 m apart in the x direction. The inset shows the fault mesh in more
detail, with darkened nodal planes assigned “fault-core” permeability in the model. Boundary conditions
enforced at the upper, lower, and lateral boundaries are shown. (b) Radial Gaussian temperature boundary
condition applied at the base of the model. (¢) Background permeability distribution (i.e., not accounting

for fault permeability) with depth.

are minor in comparison to others, permanent strain
caused by reactivation or extension of existing fractures
is relevant to the long-term evolution of the fault system
[Dempsey et al., 2012b]. The development of structural
permeability associated with this strain might also affect
the long-term stability of fluid flow in the region, although
we do not model this scenario here.

[29] Single-event dip-slip displacement of the fault surface
of 0.83 m (see Figure 3b) can be used to derive an estimate
for the magnitude of the modeled earthquake [Hanks and
Kanamori, 1979]. For a shear modulus of 4 GPa, and a
25 km long surface rupture, the modeled earthquake has an
approximate magnitude, M, of 5.7.

2.3. Fluid Flow Model

[30] Fluid flow models are constructed using the Finite El-
ement Heat and Mass (FEHM) transfer code [Zyvoloski,
2007], which is capable of modeling multiphase, multicom-
ponent Darcy flow through permeable media. This code has
previously been used to model convection in air [Stauffer
et al., 1997], and groundwater convection modified by dy-
namic permeability in heated [Dempsey et al., 2012c] and
cool environments [Chaudhuri et al., 2009]. The governing
equations for heat and mass transfer are derived from energy
and mass conservation; respectively, these are

or o
(1= )p,cp 5+ 67 (o) + V- (pshvn) —KV?T + 05 =0,
€]

and

qﬁ% + V- (p/VD) +0Ou =0, )

ot

where ¢ is porosity, ¢,, pr and K are the specific heat, den-
sity and thermal conductivity of the rock matrix, py, u and
h are the density, internal energy, and enthalpy of the fluid,
and Qg and Qy are energy and mass source terms. The
Darcy velocity, vp, is given by

Vi = —g (VP - pye2), )

where £ is permeability, u is fluid viscosity, g is the acceler-
ation due to gravity, and 2 is a unit vector oriented in the di-
rection of gravity.

[31] In this work, we are concerned with perturbations to
a single hydrothermal plume, and therefore the computa-
tional domain must be large enough to encompass both a
central upflow region and downward recharge on the plume
flanks. Figure 4a shows the grid used to model the fault ge-
ometry, assuming no change in the along strike direction
(»). This assumption is reasonable for faults that are consid-
erably longer than the diameter of the hydrothermal plume
(e.g., the 30 km long Pacroa Fault of the TVZ). The model
domain is 15x15 km in plan view; this is an adequate di-
mension to satisfy downward recharge within an area at
least 10 times larger than the plume cross-section [McNabb,
1975]. The model extends to a depth of 8 km, which is pre-
sumed to correlate with the approximate depth of the brittle-
ductile transition in the TVZ [Bryan et al., 1999], the limit
of fracture permeability, and thus the base of the convective
system [Bibby et al., 1995]. This also corresponds to the
transition between brittle and ductile deformation in the
mechanical model, which occurs across a depth interval
of 6-9km [Dempsey et al., 2012b].

[32] Because the model is designed to encompass the
entire plume, no-flow boundary conditions are enforced
on the lower and lateral boundaries. The upper layer of
the model is maintained at atmospheric pressure and tem-
perature. A hydrothermal plume is produced in the center
of the computational domain by applying a radial Gauss-
ian temperature boundary condition (Figure 4b) at the
base of the model; lateral boundaries are closed to heat
fluxes. Temperatures at the base of the model range from
150°C on the edge of the domain to 340°C in the center;
we therefore are not considering supercritical conditions.
The maximum temperature of 340°C is consistent with
brittle-ductile transition temperatures of 300-350°C for
quartzofeldspathic rock. This is higher than the 280°C
at 8km depth in the mechanical model; however, tem-
peratures at the base of the fluid flow model represent
those conceivably perturbed by a magmatic intrusion
upon which a hydrothermal plume has localized. In contrast,
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Table 1. Permeability and Material Properties for the Circulation
Model. Bounding Permeabilities for the Surface, Volcanics-
Basement Contact and Base of the Model Are Given

Parameter Value

~13.8 log(m?)
~14.5 log(m?)
—14.7 log(m?)

Surface permeability (k.—)
Contact permeability (k.- _ 2m)
Basal permeability (k.- _ gxm)

Skempton’s coefficient (B) 0.7
Thermal conductivity 25Wm 'K!
Rock density 2800kgm™>

Rock specific heat capacity 1000Jkg '

temperatures at 8 km depth in the mechanical model repre-
sent along-strike average rift properties.

[33] Two zones of differing permeability properties are
used in these models. The upper 2 km of the TVZ is charac-
terized by a variety of low density, Quaternary volcanic
strata, laid down by frequent volcanic extrusion over the pre-
vious 2 Myr [Wilson et al., 1995]. Permeability is supplied
by horizontal contacts between distinct geological units, as
well as extensive faulting and fracturing maintained by the
high horizontal extension rate [Wallace et al., 2004]. Below
the surficial deposits, fluid flow is hosted within fractured,
greywacke basement rock. The effects of pore compaction
in the upper zone, and fracture closure in the lower zone,
are approximated by an exponentially decreasing permeabil-
ity profile with depth [Saar and Manga, 2004]. Figure 4c
shows model permeability with depth away from the fault
zone. Table 1 details bounding values of permeability for
the two subdomains, as well as other model parameters.
Permeability magnitudes used in this modeling study are
consistent with ranges used in previous TVZ modeling
studies, e.g., 5-100 x 10 "> m ™ from Kissling and Weir
[2005], 1-200 x 10" m™ from Mannington et al. [2004].
The specific permeability distribution used in this study was
adjusted to obtain a hydrothermal plume with upper-plume
temperatures (250°C at 2 km depth) and total heat throughput
(~200MW) in line with typical TVZ geothermal fields (250—
300°C and 50-500 MW, respectively; [e.g., Bibby et al.,
1995)). Kissling and Weir [2005] found that further increases
in near-surface temperatures could be obtained by increasing
mesh refinement; in these simulations, further improvements
in resolution are precluded by memory constraints.

2.3.1. Mesh Design and Fault Permeability

[34] The mesh used in the fluid flow model is specifically
constructed to implement a description of cross-fault perme-
ability. Faults exhibiting a mature core of clay or other
gouge material, surrounded by extensive regions of fractur-
ing (the damage zone; e.g., Caine et al. [1996]), can operate
as either fluid conduits or baffles [Caine et al., 1996;
Rowland and Sibson, 2004] depending on the direction of
fluid flow. Cross-fault permeability is typically lower than
that parallel to the fault plane, and several methods exist
to implement these properties numerically. A nondiagonal
permeability tensor provides the most direct method of dis-
tinguishing across and along fault permeability; however,
this approach is computationally expensive and is not avail-
able in FEHM. Alternatively, for an orthogonal grid, one
can superimpose the geometry of the fault core on the mesh,
and then reduce the permeability of nodes contained within.
For dip-slip fault geometries this produces a stepped mesh

and, to prevent fluid communication, the fault core must be
several elements wide. A refinement of the second method,
implemented here, involves a steady distortion of the orthog-
onal mesh so that it honors the geometry of the fault in the
center of the domain. For a planar fault (Figure 4a) this
involves an incremental increase in the tilt of each successive
vertical y-z nodal plane, and a complementary decrease on
the opposite side of the fault. This inclined mesh does not ac-
count for the topographical offset between two fault blocks
that naturally evolves after many seismic cycles. The mesh
distortion creates relatively large aspect ratios for some ele-
ments; however, we show in section 3 that the effect on the
model results is minor.

[35] The meshed fault zone is comprised of 11, evenly
spaced nodal planes. The fluid baffling effect of the fault is
approximated by a permeability contrast between the fault
core and the surrounding, undamaged country rock. In the
model, we assign two of the central nodal planes to represent
fault core and decrease their permeability by a specified or-
der of magnitude. Thus, fault core is not characterized by
some constant permeability value applied to its entire depth;
instead, an order-of-magnitude decrease in permeability, rel-
ative to the depth-dependent permeability distribution
shown in Figure 4c, is specified and applied.

[36] The thickness of the fault core depends on the spacing
between the fault-zone nodal planes assigned core perme-
ability. In these models, we use a nodal plane spacing of
I m and a fault core permeability contrast of —4 orders of
magnitude. Observations of well-developed, impermeable
fault gouges indicate these are typically no thicker than
10m [Caine et al., 1996] and our modeled thickness is there-
fore reasonable. Fault core permeability varies with fault dis-
placement, degree of thermal or chemical alteration [Olsen
et al., 1998], and the presence or absence of clay minerals
[Morrow et al., 1984]. Assigning a constant permeability re-
duction to the modeled fault core therefore represents a sig-
nificant, but necessary, simplification of its true distribution
and variability in both time and space. Nevertheless, our
chosen reduction of four orders of magnitude results in core
permeabilities between 1.3 x 10~ '®* m” and 2.5 x 10~ ' m?,
which is consistent with laboratory studies of simulated fault
gouge [Morrow et al., 1984; Ikari et al., 2009]. We do not
include a surrounding fault damage zone with higher
permeability.

2.3.2. Import of Pore-Pressure Changes Into Fluid
Flow Model

[37] Coseismic pore-pressure disruption is modeled by
exporting stress changes from the mechanical model as
pore-pressure changes in the fluid flow model. Because the
mechanical model is two-dimensional, extrapolation of the
stress changes in Figure 3b to three dimensions is required.
There are several procedures for doing this, all of which
are approximations of the true three-dimensional coseismic
stress perturbation. Our plane-strain model of fault mechan-
ics describes the middle section of a fault and implicitly
assumes that stress changes are constant for an infinite dis-
tance along-strike. In reality, this assumption is only accu-
rate over a limited distance, which itself is a function of
the length of the fault. In the construction of the computa-
tional mesh and in applying fault core permeability, we as-
sumed that the dimension of the fault is large compared to
the diameter of the geothermal plume; for the Te Kopia
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Figure 5. Example fluctuation field applied to the fault-
plane permeability distribution to simulate the effects of
fault rupture. The mean and standard deviation for the
change in permeability (Ak) are 2.3 and 0.5 orders of magni-
tude, respectively. Maximum and minimum permeability
increases are 3.9 and 0.5 orders of magnitude, respectively.
The black and white dashed line at y=7.5 km indicates the
position of the observation plane in Figure 10.

geothermal system, this assumption is valid (see Figure 1).
Consistent with this assumption, we have extrapolated the
stress changes in Figure 3b in the along-strike () dimension
of the model without alteration and used this as the basis for
pore-pressure perturbation in the fluid flow model. Ge and
Stover [2000] calculated 3-D stress changes about an elastic
dislocation representing dip-slip fault rupture; their results
indicate that the plane-strain assumption, and thus the ex-
trapolation performed here, are robust.

[38] The coseismic pore-pressure perturbation, derived
from changes in mean stress (Figure 3) and equation (3), is
introduced to the fluid flow model by modification of the
fluid pressure distribution. A hydrothermal plume is estab-
lished by applying the radial Gaussian temperature distribu-
tion to the lower boundary of the model for a nominal time
period (300kyr). The steady state flow-field that develops
depends on the distribution of permeability that is modified
by the presence of the fault. Temperatures and pressures at
steady state serve as initial conditions for the next simula-
tion, with the initial pressure distribution modified to include
the coseismic effect. Fluid flow and heat transfer are modeled
for a period of 10 years following the earthquake to investi-
gate the temporal response of the system to seismic perturba-
tion. Linear interpolation is used to export stress changes
from the unstructured grid of the mechanical model, com-
posed of triangles and quadrilaterals, (Figure 2a) to the struc-
tured grid of the fluid flow model, comprising an ordered
array of parallelograms (Figure 4a).

[39] Several studies of hydrological changes following
major earthquakes suggest long-lived or permanent changes
in permeability may be responsible for increased streamflow
or well levels [e.g., Rojstaczer and Wolf, 1992; Montgomery
etal.,2003; Manga et al., 2003]. These invoke either aquifer
consolidation or changes in the distribution and conductivity
of fracture networks. In addition to pore-pressure perturba-
tions, we also consider the effect on fluid flow of permanent
permeability changes associated with damage of the fault
gouge and disruption of its role as a fluid baffle [Sibson,
1994]. Seismic cycling of fault core permeability and subse-
quent mass flows associated with decompression boiling can
lead to rapid silica precipitation and permeability sealing
[e.g., Caine et al., 2010]; this second-order response of

fault permeability is not considered here. To approximate
the effects of a randomly disrupted fault gouge we super-
impose a stochastic, spatially correlated fluctuation field
(Figure 5) upon the low permeability fault plane. This is an
approximation to the inherent spatial heterogeneity associ-
ated with the material strength of the fault core and fracture
networks. Based on observations of well-core from fractured
oil reservoirs [Leary and Al-Kindy, 2002] we used a power-
law with an exponent of —1.3 to describe the spatially corre-
lated fluctuation; however, the method is not restricted to this
specific choice and alternative distributions are easily
implemented. The permeability fluctuation imposes a mean
increase of 2.3 orders of magnitude and is limited to a
maximum increase of 4 orders of magnitude.

[40] As with the pore-pressure model, 10 years of fluid
flow are modeled under the new permeability distribution
using the steady state model as an initial condition. Because
postseismic fault-plane permeability in any given simulation
is arbitrary, a set of 100 simulations are performed to study
the mean effects on fluid flow of cross-fault permeability
disruption, as well as provide some constraint on the vari-
ability that might be observed. This approach does not con-
sider the effects of mechanical or chemical sealing of the
fault gouge in the modeled postseismic period [Olsen et al.,
1998].

3. Plume Development Around an Impermeable
Fault

[41] The shape and structure of a geothermal plume is
often constrained by considering the distribution of tem-
perature contours [e.g., Kissling and Weir, 2005; Coumou
et al., 2008] or some proxy for temperature, e.g., hydro-
thermal alteration [Simmons and Browne, 2000] or resistivity
[e.g., Heise et al., 2008]. Alternatively, if our principal inter-
est in the hydrothermal plume is restricted to its ability to
transport heat to the surface from depth, then contours of heat
flux are also useful in demarcating plume structure. Figure 6
shows temperature and heat flux contours for a vertical
slice through the center of the modeled plume. As a point
of comparison, and to illustrate that the influence of the in-
clined mesh (Figure 4a) on the modeled flow distribution
is minor, we also show that the plume evolved in the
absence of an impermeable fault (Figures 6a and 6c).
Although some deflection of heat and mass transfer vectors
is caused by the inclined mesh, the vertical plume structure
indicates that physical, rather than numerical, processes
dominate.

[42] In the footwall block, fluids heated at the base of the
model rise due to density-driven buoyancy until they en-
counter the impermeable fault core. Here they are deflected
and guided along the underside of the fault to the surface;
a process that drags unperturbed temperature contours,
shown in Figure 6a, in the negative x direction. Heat trans-
ported vertically through the upper 4 km of the footwall is
nearly adiabatic and averages 110—120 MW, with the great-
est outflow of hot fluids occurring immediately adjacent to
the fault scarp. In comparison, vertical heat transfer in the
hanging wall is somewhat less than the adjacent footwall,
averaging 90-110 MW.

[43] Heat and mass flux in the hanging wall (Figure 6d)
exhibit a tendency to adhere to the fault plane, although
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Figure 6. Thermal characteristics of a vertical slice through the center of the modeled convective
plumes. Temperature contours are shown for (a) an unperturbed plume (no fault permeability), and (b)
a plume deflected by low fault core permeability. Vectors superimposed on Figures 6a—6b indicate the di-
rection and relative magnitude of mass flux. (¢, d) Contours of heat flux magnitude, which correspond to
the models in Figures 6a—6b. Vectors superimposed on Figures 6¢ and 6d indicate heatflux direction. (e—g)
Structure of hydrothermal plumes, as delineated by their temperature contours, for heat sources displaced
from the center of the model. The position of the center of the radial Gaussian temperature boundary con-
dition is indicated in Figures 6a, 6¢, and 6e—6g by a hollow arrow. The position of the fault in Figures 6b,

6d, and 6e-6g is indicated by a white line.

not to the extent of the footwall, where flow is physically re-
stricted by a permeability barrier. Nevertheless, hanging
wall upflow is directed up-dip in the near-fault region and
the greatest heat fluxes occur immediately adjacent to the
fault plane. As the temperature of the fault core is close to
that of the high-temperature upflow in the footwall, the effi-
ciency of vertical heat transfer in the hanging wall is maxi-
mized by positioning the high-temperature upflow zone
alongside the high-temperature fault. Furthermore, mass re-
charge for the hanging wall upflow zone occurs by down-
welling of cold, denser fluids in the rest of the fault block.
Thus, for a given depth, hydrostatic pressure is greater in
the downflow region than the upflow zone, and a horizontal
force supplied by the downflow region upon the upflow zone
assists in pinning it to the fault plane.

[44] This mode of fluid flow shares similarities with ana-
lytical and numerical solutions to conjugate conduction-nat-
ural-convection problems in vertically partitioned [e.g.,

Sakakibara et al., 1992; Kahveci, 2007] and inclined [ Varol
et al., 2010] domains. These studies solve for heat transfer
by distinct convecting fluid cells coupled together by con-
ductive heat transfer across a solid partition; however, they
typically consider laterally heated domains relevant to the
engineering of double-paned windows, fire spreading and
nuclear reactors. In contrast, in these models we are
concerned with nonequal basal heating of a domain con-
taining an inclined vertical partition. An upflow zone is
generated in each fault block, although the degree of cou-
pling across the fault plane distinguishes this problem
from the aforementioned analytical and numerical treat-
ments. Total conductive heat transfer across the fault plane
totals ~10 MW, which is small in comparison to vertical
heat transfer of ~200 MW.

[45] Fluids rising along the fault in the hanging wall are
slightly cooler than fluids at the same depth in the footwall,
resulting in low-level conductive heat transfer between the
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Figure 7. (a) Distribution of thermal area and altered ground at Te Kopia geothermal field (after Bignall
and Browne [1994]) relative to the Paeroa Fault. The location of Murphy’s Farm thermal spring (MFS) is
shown. Inset shows the regional context of Te Kopia and the Taupo Volcanic Zone. (b) Vertical heat flux,
q., of the model at a depth of 200 m. This plot has been framed so that spatial dimensions and the position

of the fault are approximately equal to Figure 7a.

two fault blocks. This operation is similar to that of a heat
exchanger, albeit a very poor one, the efficiency of which
depends on the temperature difference across, and the thick-
ness of, the fault core. At 2 m, the thickness of the modeled
fault core falls well within the range of field observations
[e.g., Caine et al., 1996], although both narrower and
wider zones might be expected. In general, cross-fault
coupling of the flow regimes would be expected to in-
crease for narrower fault cores with diminished insulation
properties. The issue of cross-fault coupling between the
two upflow zones is revisited in section 5 when consider-
ing a coseismic increase of fault permeability.

[46] Heat flux widens perceptibly in the near-surface of
the hanging wall as increased fluid velocities in the high per-
meability layer permit increase heat transfer. The same effect
is observed in the footwall, although here flow is restricted
to a narrower region by fault core permeability. Another in-
teresting feature of Figure 6d is a region of lowered heat
transfer at the base of the plume in the footwall block. Fluids
in this area, while at high temperatures (Figure 6b), are
trapped in a stagnant region in a corner of the model where
the fault intersects the brittle-ductile transition.

[47] Figure 7 compares the distribution of thermal activity
at Te Kopia geothermal field with vertical heat flux at the
surface of the model. Geothermal expression at Te Kopia,
which includes fumaroles, steam-heated acid sulphate lakes,
mud volcanoes, and regions of hydrothermally altered and
barren ground [Bignall and Browne, 1994], occurs primarily
in the footwall block and scarp of the Paeroa Fault, a 30 km
long, active, normal fault within the TVZ [Berryman et al.,
2008]. The fault scarp has been uplifted to a height of
~220 m at Te Kopia, and Bignall and Browne [1994] suggest
that geothermal expression in the uplifted and back-tilted
footwall block has evolved in response to a gradual lowering
of the water table. This feature of the geothermal field’s evo-
lution is not accounted for in our model. Te Kopia has an
estimated heat output of 125-250 MW [Bibby et al.,
1995], which is consistent with the heat output of the
modeled plume.

[48] Because we have not accounted for local topography,
permeability heterogeneity, or a complex fault geometry,
comparisons between the model and reality must necessarily
discuss broad trends. Spatially, the thermal area and, in par-
ticular, regions of ground altered by hydrothermal activity at
Te Kopia, e.g., mineralization, clay formation, demonstrate
elongation along the strike of the fault. This is consistent with
modeled heat flux in the surface of the footwall (Figure 7b),
which demonstrates a similar along-strike trend. The thermal
area at Te Kopia extends a greater distance into the footwall
block than the modeled field, although this may be due
to topographic flows in the back-tilted block that are
not accounted for in the model. The modeled plume also
demonstrates an elongated, low-level heat flux anomaly in
the hanging wall, which is not present to the same extent
at Te Kopia. Here, geothermal expression is limited to
the Murphy’s Farm thermal spring, which are located to
the northwest of the main thermal area. This suggests that the
heat source for convection at Te Kopia does not extend into
the hanging wall to the same extent that it does in the model.

3.1. Relationship Between Deep Heat Source
and Plume Structure

[49] The position and structure of the modeled hydrother-
mal plume depends on the position of the deep heat
source in relation to the structural permeability of the
fault. Figures 6e—6g show vertical structure for plumes
localized on heat sources that are displaced from the cen-
ter of the model domain. In circumstances where the heat
source is largely confined to the footwall block, upflow is
tight, concentrated, and deflected along the underside of
the fault core for maximum expression within an elon-
gated zone at the fault scarp. With further displacement
of the heat source into the footwall, the influence of
structural permeability on the plume is lessened; at a suf-
ficient distance the plume returns to a vertical orientation
(e.g., Figure 6a).

[s0] Displacement of the heat source into the hanging wall
(Figure 6g) results in a larger hanging wall upflow zone, and
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Figure 8. Anomalous heat flux induced by coseismic per-
turbation of the pore-pressure at three different times after
the earthquake: (a) 1day, (b) 62 days, and (c) 3 years. Con-
tours show the change in heat flux, Aqz, and vectors indicate
direction. Both contour intervals and vector dimensions are
reduced an order of magnitude from Figures 8a to 8b, and
from Figures 8b to 8c. The position of the fault is indicated
by a black and white dashed line.

decreased deflection of the plume. Surface heat flow is dis-
tributed across a greater area of the hanging wall, while for
a given depth, lower temperatures generally prevail.

4. Pore-Pressure Disturbances

[s1] As discussed in section 2.2, there are several distinct
features of the coseismic stress change that may affect flow
at the surface. In summary these are: an increase in pressure
in the hanging wall at a depth of 68 km; a decrease in pres-
sure in the footwall at similar depths; and an increase in
pressure at the surface in both fault blocks (see Figure 3).
The first two effects are associated with the fault displace-
ment gradient that occurs at the lower tip of the fault as
coseismic slip tapers to zero (see Figure 3b, inset). The
near-surface pressure increase is caused by an increase in
the horizontal compressive stress as the two fault blocks
withdraw from one another during the earthquake. In this
section, we consider hydrological changes in response to

the sum of these stress effects, as well as the contribution
of each. Stress effects are denoted by their location, i.e., hor-
izontal compression at the surface and the arrest of fault slip
at brittle-ductile depths, and are broadly differentiated as
occurring above and below a depth of 3.5 km, respectively.

[52] Figure 8 shows the effects of a diffusing pore-pressure
anomaly on heat transport within the geothermal system, for
three different times following the modeled ecarthquake
(1 day, 62 days, and 3 years). The heat flux anomaly, defined
here as the difference between the seismically perturbed and
steady state heat flux distributions, is approximately an order
of magnitude less in each successive plot (as are the color-
scales). This simulation considers the total pore-pressure
anomaly, i.e., both the surface and the deeper slip-arrest
components.

[53] In response to the coseismic near-surface stress in-
crease, vertical heat flux is increased through a 3 km wide re-
gion at the surface of the model. A maximum increase of
>20 Wm 2 is observed at the footwall scarp, where the max-
imum steady state outflow also occurs (see Figures 6 and 7).
A corresponding increase in mass flux in the adjacent hang-
ing wall has a lesser effect on geothermal heat output due to
relatively low preseismic heat transfer in this fault block.

[s4] The heat flux anomaly is solely comprised of an
increased mass flux; the contribution of increased fluid
enthalpy is negligible. This is a limitation of the single
porosity model, which enforces thermal equilibrium be-
tween the fluid and rock matrix, rather than a true repre-
sentation of postseismic behavior. Indeed, temperature
changes of 5-10°C have been documented at mid-ocean
ridge hydrothermal systems following nearby earthquakes
[Johnson et al., 2000; Dziak et al., 2003]; however, mod-
eling of this transient effect, whether it is caused by per-
meability or pore pressure changes, would require a dual
porosity description of fracture flow. In our single poros-
ity model, coseismic temperature changes are buffered by
the large thermal mass of the matrix. The extent to which
anomalous heat transfer is over or underestimated by not
accounting for temperature transients depends on the
magnitude of the likely temperature change relative to
the natural state temperature. In our model, surface tem-
peratures in the upflow zone are ~175°C; a temperature
change of 10°C would then modify anomalous heat flow
by less than 10%.

[s5] Pressure anomalies induced by slip-arrest at the base
of the fault have contrasting effects on heat transfer in the
different fault blocks. In the footwall, an abrupt decrease in
pressure creates a tendency for fluids to be drawn toward
the center of the pressure drop. This results in a decrease
in vertical velocity above the pressure drop, which when
superimposed on a broad trend of vertical heat flux produces
a negative heat flux anomaly. Effectively, hot, buoyant
upflow that is guided along the underside of the fault plane
is restrained by a suction created by rock expansion near
the fault-tip. The opposite effect is observed in the hanging
wall, where an increase in pressure causes expulsion of
fluids in a radial direction from the center of the pressure in-
crease. However, because natural-state heat flux in this re-
gion is relatively low (Figure 6d), the associated heat-flux
anomaly is small.

[s6] Fluid pressure disturbances caused by the modeled
carthquake are redistributed by mass transfer toward
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pressure lows and away from pressure highs. These flows,
which are resisted by fluid viscosity and crustal permeabil-
ity, occur slowly over periods of months to years. Further-
more, the pressure disturbance decays in magnitude as it
propagates away from the source and is diffused within a
larger volume of rock. Two months after the modeled earth-
quake, heat flux anomalies are approximately one order of
magnitude less (Figure 8b) than their immediate post-seis-
mic values, although surface heat flux still exceeds natural
state conditions. Slip-arrest pressure anomalies, which are
larger in magnitude than the surface anomaly (Figure 3),
have migrated upward from midcrustal depths (6-8km)
and are beginning to exert an influence on surface flow.
The initially local negative heat flux anomaly developed at
the bottom of the footwall has migrated to a depth of 5km
and is now much broader. This feature continues to migrate
upward, nullifying the positive heat flux anomaly produced
by surface stress increases after a period of 200 days.

[57] In contrast, the positive heat flux anomaly at the base
of the hanging wall produced by coseismic compression of
the midcrust, propagates upward and reinforces the positive
heat flux anomaly at the surface. The additive nature of these
pressure disturbances contribute to a positive heat flux
anomaly throughout the hanging wall that exceeds the
corresponding negative anomaly in the footwall. Further-
more, the low permeability fault core operates as an effective
barrier between the adjacent high and low pressure distur-
bances, which are permitted to propagate outward into their
respective fault blocks, but do not interfere with one another.

4.1.

[s8] Measurements of excess streamflow following earth-
quakes capture the anomalous vertical mass flux rate inte-
grated over the area of the stream catchment. An analogous
measure is obtained from the model by integrating anoma-
lous mass flux rates at the surface of the geothermal field
for the period following an earthquake (Figure 9a). At natu-
ral state, mass is ejected from the geothermal upflow zone at
a rate of 360kg s '. The immediate effect of the modeled
earthquake is to increase mass flux through the geothermal
system by 740 kg s', an increase of 206%. This increase
is termed the excess flow. In comparison, Muir-Wood and
King [1993] noted increases in river flow of 40% following
the M 7.3, 1959 Hegben Lake earthquake, Montana, and the
M 6.9, 1980 Irpinia earthquake, southern Italy, and an in-
crease of 200% following the M 7.0, 1983 Borah Peak earth-
quake, Idaho. For these earthquakes, excess mass flow is
interpreted in the context of natural, preseismic flow rates,
which for Idaho were comparatively lower than Montana
and Italy. Expulsion of fluids therefore had a larger propor-
tional effect for Idaho. In these examples, both natural state
and anomalous flow rates are 1-2 orders of magnitude larger
than those modeled here. In terms of a natural state flow rate,
this reflects the discrepancy between the proportion of mete-
oric rainwater that infiltrates and is circulated through the
crust (~2% for the TVZ; Weir [2009]) versus the larger pro-
portion that ends up as runoff in streams and rivers. In
the case of order-of-magnitude greater coseismic fluid ex-
pulsion, this is probably due to a comparatively larger
magnitude pore-pressure disturbance associated with large
magnitude earthquakes (M=6.9, 7.0, and 7.3, cf., mod-
eled M=5.7).

Mass Discharge

[s9] Excess flow caused by the modeled earthquake
recedes from its immediate postseismic maximum, with
half-, quarter-, and one-eighth-maximum flows recorded
2.6, 5.8, and 9 days after the earthquake. Excess mass flow
continues to decay toward zero over the following 10 years
representing a return to steady state, preseismic conditions;
during this time the signal-to-noise ratio rapidly decreases.
The likelihood of detecting a postseismic flow signature is
probably low after the first 20 days, because excess flow
has receded to less than 10% above natural state. This is in
contrast to examples presented in Muir-Wood and King
[1993] where excess mass flow is recorded for 6—8 months
following the earthquake. These long-lived changes likely
represent more permanent perturbation to the subsurface
permeability structure through the creation or reactivation
of highly conductive channels.

[60] Despite indications of the untransformed modeled
values (Figure 9a, inset), excess flow from the geothermal
field does not exhibit (under log transformation) the expo-
nential decay demonstrated by Briggs [1991] for excess
streamflow following the 1989, M 7.1 Loma Prieta earth-
quake, California. Nor does it exhibit a linear decrease
proposed by Muir-Wood and King [1993] for increased
streamflow following three major normal fault earthquakes
in Montana, Idaho, or southern Italy. Although both the
modeled and observed behavior are in agreement that a
postseismic decline occurs, and, in the case of Loma
Prieta, that this decline is not constant in time, the precise
mathematical form of the decline is not reproduced here.
Instead, the modeled mass flow decline is more rapid
and appears to be governed by a power-law.

[61] The disagreement in mass flow behavior is a second-
order effect; relative changes in mass flow are in agreement
with those following the Iripinia earthquake mentioned pre-
viously. Nevertheless, the divergence between model and
observation merits further discussion. One possible cause
of slower mass flow decay rate would be a decrease in pres-
sure-dependent permeability as the near-surface pressure
anomaly is dissipated in the postseismic period. Theoretical
[Gangi, 1978] and field investigations [Nathenson, 1999] in-
dicate that fracture permeability is enhanced where ele-
vated pore-pressure sustains a wider fracture aperture.
Experimental results [Faoro et al., 2012] have demonstrated
postpressurization relaxation of fracture aperture, and thus
permeability, by diffusion of a pore pressure anomaly, ini-
tially confined to the fracture, into the matrix. Alternatively,
enhanced fracture flow away from a pressure anomaly could
also account for permeability relaxation. This then would
exert a braking effect on mass flow that is not accounted
for by the model.

[62] Excess mass flow profiles for the full pore-pressure
disturbance (Figure 9, black squares) and for a simulation
containing only the surface component (open circles), indi-
cate that changes to surface outflow are, in general, well
described by surface processes alone. Profiles are indistin-
guishable for the first month, after which time migration
of the deeper slip-arrest anomaly begins to exert an effect
at the surface. An initial, small, increase in mass flow is as-
sociated with the surface arrival of the hanging wall high-
pressure anomaly (see Figure 8b), and this is followed by a
decrease in flow accompanying the later arrival of the foot-
wall low-pressure anomaly (see Figure &c). Interestingly,
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permeability.

the difference between the full-disturbance and surface-only
profiles corresponds nearly exactly (within an error of
0.1%) to excess flow produced by the slip-arrest-only simu-
lation. This suggests that the diffusive processes modeled
here are additive, i.e., that the full phenomenon can be mod-
eled as a superposition of its constituents.

4.2. Reservoir Effects

[63] Heat stored in the geothermal reservoir can be
exploited for electricity generation through the extraction

of geothermal fluids. The size of the geothermal reservoir
is quantified in terms of stored heat [Grant and Bixley,
2011], calculated as

ERES = /pC(T — T())dV7 (7)
where ERgs is heat energy in the reservoir, pC is the specific
heat of wetted rock (taken as 2.5 x 10® Jm ~ K~ '), and T} is
a reference temperature representing the end point of the
thermodynamic cycle (taken as atmospheric 20°C). We
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calculate stored heat for the upper 2 km of the model do-
main, which corresponds to the porous Quaternary volcanic
deposits that are typically targeted for production in the
TVZ. Because waste-water is generally reinjected at tem-
peratures greater than 20°C, this method overestimates reser-
voir heat content; however, because we are interested in the
reservoir response to an earthquake, i.e., changes relative to
some steady state value, the approximation is sufficient.

[64] Figure 9b shows changes in reservoir heat content rel-
ative to a preseismic value of ~9000 PJ. Deviation from the
natural state is caused by increased heat fluxes across the
boundaries delineating the reservoir, i.e., a horizontal plane
at the surface, and a second at a depth of 2 km. Reservoir
heat content initially declines in response to the earthquake,
largely due to fluid expulsion associated with near-surface
stress changes. The decline is arrested after a period of
4-5 months, and is eventually recovered by the background
rate of reservoir heating that characterizes the quasi-steady
state of the system. The maximum reduction in Ergg is
~60-80 TJ and the perturbation is therefore minor in compar-
ison to the absolute size of the reservoir.

[65] More significant changes in reservoir heat content re-
quire heat flux perturbations that operate on longer time-
scales. For example, self-sealing geothermal reservoirs that
develop low permeability, insulating cap regions above the
upflow zone show increases in heat content of ~300 PJ over
a period of 100 kyr [Dempsey et al., 2012¢]. Similarly, fault
rupture through the capzone, which permits enhanced mass
flow at the surface for a period of several thousand years,
is accompanied by a drop in heat content of ~80 PJ. In con-
trast, the reservoir perturbations considered here, including
pressure and permeability disruptions, suggests that signifi-
cant changes in the natural state of the reservoir occur over
long time periods.

5. Disruption of Fault Gouge

[66] The immediate effect of fault gouge rupture is an in-
crease in advective heat transfer across a fault plane that
was previously restricted to conduction. Buoyant upflow,
previously deflected along the underside of the fault and
largely confined to the footwall block, now rises directly
across the fault into the slightly cooler hanging wall.
Cross-fault heat flux, which averaged 10 MW in the preseis-
mic period, is increased to 215 MW. Depending on the time-
scales associated with healing and sealing processes (e.g.,
hydrothermal precipitation; Grindley and Browne [1976];
Olsen et al. [1998]; Dempsey et al. [2012c]), the increased
heat transfer will have important implications for the
postseismic configuration of geothermal fluid flow. If
self-sealing of the fault gouge is rapid, then an associated
rapid-return to preseismic fluid flow should be expected,
i.e.,, low-level coupling between footwall and hanging
wall upflow.

[67] Figure 9c shows the mean excess-mass-flow time se-
ries, along with two standard deviation limits (grey shad-
ing), for 100 simulations of a disrupted fault gouge (e.g.,
Figure 5). Fault rupture is accompanied by an immediate
increase in mass flow of 17kg s, which builds to a post-
seismic maximum of 20kg s ' occurring 1-3 weeks after
the earthquake. This is substantially lower than the excess
mass flow initially produced by the pore pressure

disturbance (Figure 9a). Mass flow then recedes to a new
steady state that is 14—15kg s ' higher than preseismic
levels. The initial response, in which mass flow builds,
is similar to that recorded following the M 7.1, 1989
Loma Prieta earthquake, California, which also demon-
strated increasing flow rates for a period of several days
after the earthquake. In this instance, the postseismic hydro-
logic response was attributed to an increase in aquifer perme-
ability permitting increased groundwater flow [Rojstaczer
and Wolf, 1992] followed by a slow decay in streamflow
as the level of the water table dropped and the associated
hydraulic gradient lowered. In our simulation, decay in
mass flow from its postseismic high is evident (Figure 9c,
inset), although less pronounced.

[68] Changes in heat content of the geothermal reservoir in
response to an increase in cross-fault permeability are rela-
tively easier to conceptualize than surface mass flow. Except
at very short timescales, we observe an approximately linear
increase in heat content for the 10 years following fault rup-
ture (Figure 9d, inset). Because the reservoir considered here
is theoretically constrained by horizontal surfaces at z=0
and —2 km, the linear trend in Figure 9d indicates that (i)
basal heat flux into the reservoir exceeds surface heat flux
out of the reservoir, and (ii) the total heat flux imbalance in
the reservoir is constant over the 10 year postseismic period
(such that integration in time produces a linear trend). Vari-
ability in the heat flux profiles also reflects the time integra-
tion, with an increasing spread with time. This feature is
derived from the relatively constant spread recorded in
the excess mass flow profiles (Figure 9c¢), and the accumu-
lating effect of the excess fluid throughput on the heating
of the reservoir.

[69] Over a period of 10years, the total perturbation to
reservoir heat content is orders-of-magnitude larger than
that associated with coseismic pore-pressure disturbances
(Figure 9b). This is a consequence of the permanent,
long-lived changes to the fluid flow state associated with
fault permeability disruption, as opposed to the temporary
influence of a pore-pressure perturbation.

5.1.

[70] The combined effects of a diffusing pore-pressure
disturbance and a fault-core permeability disruption are con-
sidered in Figures 9¢e—9f and 10. Once more, a set of 100 dif-
ferent fault plane ruptures (Figure 9) was generated and
10 years of flow simulated with the full-crust pore-pressure
disturbance from section 4 superimposed. Heat flux anoma-
lies associated with one of these simulations (corresponding
to the permeability disruption shown in Figure 5) is shown
for three different times following the modeled earthquake
(Figure 10).

[71] Excess mass flow of the combined pore-pressure/
permeability disruption simulations demonstrates charac-
teristics identified in simulations of each of the constituent
perturbations (Figures 9a-9d). For example, the short-term
response is dominated by a large increase in mass flow asso-
ciated with the near-surface pore-pressure anomaly. Reces-
sion of the initial flow rate over the first two weeks is rapid,
and similar to that shown in Figure 9a. However, at longer
time scales the permeability effect dominates by imposing,
and sustaining, a higher natural-state flow rate.

Combined Simulation
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Figure 10. Anomalous heat flux induced by pore-pressure
and fault permeability perturbations at three different times
after the earthquake: (a) 1day, (b) 6 days, and (c) 63 days.
Contours show the change in heat flux, Aqz, and vectors in-
dicate direction. Note that, in contrast to Figure 8, contour
intervals and vector magnitudes in Figures 10a—10c are
identical. The position of the fault is indicated by a black
and white dashed line. The specific change to fault core per-
meability applied in this simulation is shown in Figure 5.

[72] This superposition of behaviors is also evident in the
reservoir response to the modeled earthquake. On short time
scales, i.e., <100days, the pore-pressure effect dominates
(Figures 9b) and an initial drop in heat content, followed by
a slow recovery, is recorded. Over longer time periods, per-
manent changes to fault-plane permeability favor a steady
heat flux into the reservoir, such that heat content increases
at a constant rate over the next 10 years (Figure 9d).

[73] A break-down in the fluid baffling properties of the
fault core results in an immediate increase in the cross-fault
coupling between the upflow zones in the adjacent fault
blocks. Figure 10 shows that, in many locations, a reason-
ably large (>20 Wm?) fault-normal heat-flow anomaly is
generated. In the preseismic period, cross-fault heat flux
was dominantly conductive (>90%) and totaled ~10 MW;
immediately following the earthquake, this is increased to
~215MW of heat transfer from the footwall to the hanging
wall for depths shallower than 6 km. The effects on heat flux

of the near-surface pore-pressure anomaly, and the midcrus-
tal slip-arrest anomaly in the footwall, detailed in section 4,
are also evident at this early stage.

[74] Cross-fault fluid transfer recedes from its initial
maximum in the days following the earthquake, and the
near-fault heat-flow anomaly widens as the effects of fluid
diffusion penetrate further into the fault blocks. Heat flux
across the fault plane is reduced to 80 MW after one week,
and to SOMW after two months. The diminished role of
the fault as a vertical flow-partition also exerts an effect
on the fluid flow distribution. Whereas before the low per-
meability fault core encouraged flow in both fault blocks
to localize in an up-dip direction, its reduced effectiveness
as a physical flow barrier now permits vertical upflow of
footwall fluids into the hanging wall. As a consequence,
geothermal upflow migrates from the footwall scarp into
the hanging wall and away from the fault. Although not
modeled here, permeability sealing of the fault gouge in
the postseismic period as a result of hydrothermal mineral-
ization would be expected to halt and reverse this
migration.

6. Conclusion

[75] Structural permeability has long been considered a
key factor in localizing and shaping geothermal upflow in
the Taupo Volcanic Zone [e.g., Grindley and Browne,
1976; Wood et al., 2001]. We have presented models of a
hydrothermal plume evolved in the presence of dip-slip
faults that operate as fluid baffles. An impermeable fault se-
verely impairs coupling between fluid flow in the footwall
and hanging wall blocks, except via conductive heat transfer
across the fault. In the simulations presented here, an upflow
zone in the footwall that transports 115 MW is coupled to a
100 MW upflow zone in the hanging wall via a 10 MW
cross-fault conductive link. Stated differently, when a per-
fectly insulating fault is modeled, 125 and 90 MW upflows
are developed in the footwall and hanging wall, respectively.

[76] The fault, operating in a similar manner to the parti-
tion in conjugate coupled-convection problems, also serves
to localize upflow into its near vicinity. In the footwall, such
flow is intuitive, because rising fluids are physically blocked
by the fault core and deflected up-dip. In the hanging wall,
instead of rising vertically, upflow is also localized along
the fault plane; this is probably due to the thermodynamic
stability of upflow along a heated partition, and the horizon-
tal hydrostatic pressure of downflow that occurs elsewhere
in the fault block.

[77] In addition to long-term influences on fluid flow, we
have considered two features of fault rupture that introduce
an immediate perturbation to steady state flow: coseismic
changes in pore-pressure and permeability. The pore-pres-
sure perturbation is derived from a separate, mechanical
model for fault rupture on a dip-slip normal fault, and is
comprised of a near-surface increase in pressure, and anti-
symmetric pressure-change lobes at midcrustal depths. We
show that deep pressure changes have a negligible effect
on surface geothermal expression; in comparison, near-sur-
face horizontal compression caused by the movement of
fault blocks away from one another results in a large in-
crease in surface heat and mass flow. However, anomalous

209



DEMPSEY ET AL.: HYDROLOGICAL EFFECTS OF DIP-SLIP FAULT RUPTURE ON A HYDROTHERMAL PLUME

flow rates rapidly decline over a period of several weeks as
the pore-pressure disturbance is diffused.

[78] In contrast to the pore-pressure perturbation, changes
in fault permeability produce a smaller short-term effect on
surface expression but play an important role in the longer-
term configuration of geothermal circulation. Following an
increase in cross-fault permeability, which approximates
the damaging effect of fault rupture on impermeable fault
gouge, mass flow builds to a new steady state that is approx-
imately 5% higher than preseismic flow rates. This figure is
sensitive to the degree of fault damage, e.g., a greater in-
crease in permeability permits a greater increase in mass
flow, but, more importantly, results in a migration of the lo-
cus of geothermal expression. Upflow, which had previously
localized in the footwall, now begins to migrate into the
hanging wall and away from the fault.

[79] The numerical methods presented here consider one-
way coupling between the mechanical and hydrothermal
systems, i.c., the earthquake, and its effects, perturb natu-
ral-state fluid-flow. In practice, coupling in both the pre-
and postseismic phases is likely two-way to some degree; in-
deed, diffusion of pore fluids at depth during the postseismic
period can exert control on the subsequent distribution of
aftershocks [Miller et al., 2004; Lindman et al., 2010]. Al-
though the approach employed here accounts for diffusion
of pore-fluids at depth, we have not attempted to represent
the reverse coupling. Implementation of this interaction
would produce an intriguing feedback loop, in which fault
failure induces a fluid flow anomaly, which may induce sub-
sequent failure on other fault planes and further fluid flow
anomalies.
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